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Abstract 28 

In this study, we examined the characteristics of a rainfall system that brought heavy rainfall 29 

to a broad portion of western Japan on July 5–8, 2018 and the role played by an 30 

upper-tropospheric trough which stayed to the rear of the extensive rainfall area during the 31 

event. The Dual-frequency Precipitation Radar onboard the core satellite of the Global 32 

Precipitation Measurement revealed the significant contribution of rainfall with its top below 33 

10 km, the broad spatial extent covered by stratiform rainfall, and the presence of 34 

convective rainfall embedded in the large stratiform rainfall area. These features are 35 

characteristic of well-organized rainfall systems. Based on the analysis of meteorological 36 

data, large-scale environmental conditions related to the event were found to be relatively 37 

stable and very humid throughout most of the troposphere, compared to the climatology. 38 

This large-scale environment, which is consistent with previous statistical results for 39 

extreme rainfall events, was present across an extensive area of Japan. 40 

We found that the trough played an important role in maintaining an environment 41 

favorable for the organization of rainfall. Dynamical ascent associated with the trough acted 42 

to produce vertical moisture flux convergence in the mid-troposphere and upper 43 

troposphere, and moistened most of the troposphere in conjunction with horizontal moisture 44 

flux convergence. Humid conditions in the mid- to lower troposphere enhanced the 45 

development of deep convection when the lower troposphere was convectively unstable. 46 

Once deep convection was promoted in this way, convection itself could moisten the mid- to 47 
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upper troposphere further through diabatic ascent, thereby loading the free troposphere 48 

with moisture. This synergy between the dynamical effect and the diabatic effect enhanced 49 

the conditions that allowed for a well-organized rainfall system that produced very heavy 50 

rainfall over a large portion of Japan. 51 

 52 

Keywords Heavy rainfall; organized rainfall system; upper-tropospheric trough; GPM 53 

54 
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1. Introduction 55 

1.1 The heavy rainfall event in July 2018 56 

From June 28 to July 8, 2018, Japan experienced extremely heavy rainfall, which caused 57 

severe damage across several regions. This series of downpours was named “The Heavy 58 

Rain Event of July 2018” by the Japan Meteorological Agency (JMA). Especially in the 59 

period of July 5–8, an enhanced baiu front lingered over Japan, resulting in heavy rainfall 60 

over a wide area. Some stations registered 96-hour (5–8 July) accumulated rainfall totals in 61 

excess of 500 mm (Tsuguti et al. 2018). In this study, we will refer to the period of heavy 62 

rainfall during July 5–8, 2018 as “the heavy rainfall event.” 63 

Previous studies have proposed several factors that contributed to the heavy 64 

rainfall event. One of the characteristics of this event is extremely large precipitable water, 65 

which was realized by very humid conditions at middle-levels (Takemi and Unuma 2019). 66 

During an episode of heavy rainfall of this event, an atmospheric river, which is a narrow 67 

synoptic-scale or larger moisture flow, was detected by Yatagai et al. (2019). Moteki (2019) 68 

also pointed out that cold air advection over the Sea of Japan intensified by the passage of 69 

Typhoon Prapiroon was one of the triggering factors for the formation process of the baiu 70 

front over western Japan. 71 

According to Tsuguti et al. (2018) and Shimpo et al. (2019), the subtropical jet and 72 

the polar front jet in the upper troposphere experienced significant and persistent meanders 73 
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in a meridional direction, which affected the heavy rainfall event through the extension of 74 

the North Pacific subtropical high to the southeast of Japan and through the development of 75 

the Okhotsk High. In addition, there was an active cumulus convection over the East China 76 

Sea, which locally moistened the mid- to lower troposphere. A combination of the 77 

southwesterly flow moistened with this convection and the southerly flow of 78 

lower-tropospheric moist air along the periphery of the North Pacific subtropical high 79 

brought a huge amount of water vapor into western Japan. Sekizawa et al. (2019) also 80 

noted the importance of enhanced evaporation from the Pacific and the East China Sea for 81 

the intensified moisture transport from the south toward western Japan during the heavy 82 

rainfall event. The persistent meandering of the subtropical jet is associated with the Silk 83 

Road teleconnection pattern over the Eurasian Continent (Enomoto et al. 2003; Enomoto 84 

2004). 85 

During the same period, an upper-tropospheric trough emerged as a result of the 86 

meandering subtropical jet. Figure 1a shows the rainfall, precipitable water, and potential 87 

vorticity on the 350-K isentropic surface at 00 UTC on July 7, 2018. A narrow and deep 88 

trough appeared over the Korean Peninsula and the Sea of Japan, which was visible in a 89 

geostationary satellite water vapor imagery provided by the JMA (Fig. 1b). A rainfall band 90 

was distributed along the leading edge of this trough in a northeast-southwest direction, 91 

which corresponded to regions with very large volumes of precipitable water. Although this 92 

upper-tropospheric trough is shown to induce ascent dynamically along the baiu front 93 
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(Takemura et al. 2019), the mechanism how it affected the incidence of heavy rainfall is not 94 

fully elucidated. In this study, we quantitatively examine the effect of upper tropospheric 95 

trough on the heavy rainfall event. 96 

 97 

1.2 Backgrounds 98 

Extreme rainfall is not always brought by extremely tall convection (Hamada et al. 2015). 99 

Hamada and Takayabu (2018) statistically showed that extreme rainfall around Japan in 100 

summer time tends to be associated not with extremely tall convective systems with intense 101 

lightning activity, but rather with organized rainfall systems that build large areas of 102 

stratiform rainfall. The environment related to extreme rainfall events is relatively 103 

convectively stable and very humid throughout most of the troposphere, associated with the 104 

transport of excessive moisture from the west via large-scale flow (Hamada and Takayabu 105 

2018). 106 

 Bretherton et al. (2004) showed that rainfall rapidly increases with an increase in 107 

column water vapor over the tropical ocean. The nonlinearity in the rainfall–column water 108 

vapor relationship is largely attributed to the nonlinear increase in rainfall area, especially in 109 

stratiform regions (Ahmed and Schumacher 2014). Because organized rainfall systems 110 

contain large areas of stratiform rainfall, it follows that the mesoscale organization of rainfall 111 

is promoted with an increase in column water vapor. Using radiosonde data from the 112 

Tropical Rainfall Measuring Mission (TRMM) Kwajalein Experiment (KWAJEX) and 113 
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coincident area-averaged rainfall derived from the TRMM C-band ground validation radar at 114 

Kwajalein, Bretherton et al. (2004) also showed that the area-averaged daily rainfall rates 115 

are sensitive to humidity in the mid-troposphere, rather than that in the boundary layer. 116 

Mid-tropospheric moisture is, therefore, considered as an important factor in the 117 

development and organization of deep cumulus convection over the tropical ocean (e.g., 118 

Sherwood 1999; Kuang and Bretherton 2006; Takayabu et al. 2010). 119 

 Recent studies have emphasized that large-scale conditions in the middle and 120 

upper troposphere, in addition to lower-tropospheric conditions such as convective 121 

instability, are important in rainfall events over Japan. For example, over summer-time East 122 

Asia and North Western Pacific, ascent associated with the ageostrophic secondary 123 

circulation that is induced by upper-tropospheric disturbances affects synoptic variations in 124 

rainfall and lower-tropospheric moisture (Horinouchi 2014; Horinouchi and Hayashi 2017). 125 

Note that the secondary circulation is characterized by upwelling and downwelling to the 126 

south and north of the subtropical jet, respectively. Yokoyama et al. (2017) showed that the 127 

subtropical jet plays a role in moistening the mid-troposphere during the baiu season. They 128 

found that dynamical ascent associated with the secondary circulation to the south of the jet 129 

produces environments favorable for the organization of rainfall. On the other hand, a case 130 

study by Hirota et al. (2016) examined a heavy rainfall event in August 2014 in Hiroshima, 131 

Japan. Their study showed a joint effect that acted to intensify the regional rainfall over 132 

Hiroshima: ample water vapor in the free troposphere associated with an atmospheric river 133 
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(e.g., Zhu and Newell 1998; Gimeno et al. 2014; Waliser and Guan 2017), and instability 134 

and a dynamical ascent induced by an upper-tropospheric cutoff low. 135 

More recently, Nie and Fan (2019) examined roles of dynamical forcing and 136 

diabatic heating with the quasi-geostrophic omega equation in extreme rainfall events over 137 

East China and the southeastern United States. They found that a strong ascent that is 138 

induced by dynamical forcings encourages local convection, and diabatic heating feedback 139 

is stronger over East China than the southeastern United States. Using the idealized 140 

Column Quasi-Geostrophic modeling framework, the contributions of large-scale ascent 141 

and diabatic heating to extreme rainfall events were also quantified in Pakistan (Nie et al. 142 

2016) and Texas (Nie et al. 2018). 143 

In this study, we focus on the upper-tropospheric trough, which lingered over the 144 

Korean Peninsula, as one of many factors for the heavy rainfall event in July 2018 over 145 

Japan. The objective of this study is to elucidate the characteristics of the rainfall system 146 

that brought heavy rainfall during the heavy rainfall event, and to quantify the role that the 147 

upper-tropospheric trough played in this event. 148 

 149 

2. Data and methodology 150 

2.1 Data 151 

The Dual-frequency Precipitation Radar (DPR) onboard the Global Precipitation 152 

Measurement (GPM) satellite observed the heavy rainfall event at around 00:35–00:40 153 
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UTC on July 7, 2018. The major advantage that the GPM DPR provides is its capability to 154 

uniformly observe the three-dimensional structure of precipitation anywhere between 65°N 155 

and 65°S. In this study, we utilize snapshots from the Ku-band orbital product (2AKu V05; 156 

Iguchi et al. 2017) that was collected by the GPM DPR.  157 

The GPM Spectral Latent Heating product (2HSLH V05; Shige et al. 2004, 2007, 158 

2008, 2009; GPM SLH Algorithm Development Team 2017) is also used to examine the 159 

profiles of latent heating and Q1−QR, which is the difference between the apparent heat 160 

source (Q1; Yanai et al. 1973) and radiative heating of the atmosphere (QR). Note that the 161 

difference between latent heating and Q1−QR is the eddy heat flux convergence. The SLH 162 

algorithm consists of two separate algorithms for tropical precipitation and mid-latitude 163 

precipitation. The diabatic heating data that are analyzed in this study are retrieved using 164 

the tropical algorithm. In the tropical algorithm, spectral look-up tables are first made in 165 

terms of precipitation top height (precipitation rate at melting level) for convective and 166 

shallow stratiform precipitation (deep stratiform precipitation), based on the Tropical Ocean 167 

and Global Atmosphere Coupled Ocean–Atmosphere Response Experiment (TOGA 168 

COARE) precipitation simulated by a cloud resolving model. Diabatic heating profiles are 169 

then retrieved with these look-up tables and three-dimensional information of precipitation 170 

observed by the GPM DPR. 171 

Because the GPM DPR observation is spatiotemporally limited due to the narrow 172 

swath (245 km), we utilize the Global Satellite Mapping of Precipitation data (GSMaP_MVK 173 
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version 7; Kubota et al. 2007, Aonashi et al. 2009) to obtain information on the temporal 174 

variation of horizontal distributions of rainfall. We also use the Automated Meteorological 175 

Data Acquisition System (AMeDAS) hourly rainfall data of the JMA. 176 

To investigate the large-scale environment, we mainly use JRA55 reanalysis data 177 

(Kobayashi et al. 2015; Harada et al. 2016). The following variables are used: horizontal 178 

winds, vertical pressure velocity, specific humidity, relative humidity, temperature, 179 

geopotential height, latent heating rate (convective heating rate plus large-scale heating 180 

rate), which is based on model parameterization schemes, shortwave radiative heating rate, 181 

and longwave radiative heating rate. Each of these variables is given at 1.25° intervals of a 182 

latitude-longitude grid on isobaric surfaces every 6 hours. Additionally, equivalent potential 183 

temperature is calculated using temperature and specific humidity. The potential vorticity on 184 

the 350-K isentropic surface, precipitable water, and surface pressure are also analyzed. 185 

Moreover, we examine JMA radiosonde upper-air observation data at Fukuoka (33°35.0’N 186 

and 130°23.0’E) and Wajima (37°23.5’N and 136°53.7’) to verify thermodynamical profiles 187 

of reanalysis data. Radiosonde observations are conducted twice a day at 00 UTC and 12 188 

UTC. The analysis period is from 00 UTC on July 5, 2018, to 18 UTC on July 8, 2018. 189 

 190 

2.2  Methodology 191 

In this study, we examine effects of dynamically-forced ascent associated with an 192 

upper-tropospheric trough and diabatically-generated ascent associated with cumulus 193 
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convection. According to Holton (2004), the Q vector form of the quasi-geostrophic omega 194 

equation can be expressed as 195 
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In equation (1), diabatic heating is divided into JLH (latent heating) and JR (radiative heating). 199 

JLH can be estimated as the JRA55 latent heating rate, while JR is the sum of the JRA55 200 

radiative heating rate. Vg is the geostrophic wind velocity, where vg is its y-component. R is 201 

the gas constant, and κ is R Cp
−1 where Cp is the specific heat at constant pressure. σ is the 202 

static stability, and ∇ indicates the horizontal gradient operator. All other variables are 203 

standard symbols for meteorology. The Q-vector is calculated on the β plane with a 204 

reference latitude of 35°. 205 

Equation (1) indicates that vertical motion can be diagnosed with the sum of the 206 

divergence of the Q-vector (the first term on the right-hand side in the equation), the second 207 

term related to the β effect, which is generally small for synoptic-scale motion (Holton 2004), 208 

and the Laplacian of the diabatic heating (the third and fourth terms). A divergence of the 209 

Q-vector contributes to a descent associated with secondary circulation dynamically forced 210 

by geostrophic winds, while a convergence contributes to an ascent. The third term 211 

represents diabatically-generated ascent associated with the latent heat of cumulus 212 

convection. Hereafter, the first term will be referred to as the dynamical forcing, and the 213 
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third term, associated with JLH, will be called the diabatic term, even though radiative 214 

heating is not included. 215 

Before calculating the Q-vector, we conducted a smoothing of the geopotential 216 

height and temperature with a 1-2-1 filter in both longitude and latitude directions over a 217 

2.5° x 2.5° grid to remove variations on a scale smaller than geostrophic motions. When 218 

converting data from 1.25° to 2.5° resolution, we average each set of nine 1.25°-resolution 219 

grid cells (one central grid cell and all eight surrounding grid cells) with approximate weights 220 

of 1, 0.5, and 0.25 for the central cell, adjacent four cells, and four corner cells, respectively. 221 

We also conducted smoothing the third and fourth terms, which are of a higher-order 222 

derivation, with a 1-2-1 filter in both longitude and latitude directions. Note that in order to 223 

estimate the diabatic term not only over the path of the GPM DPR but over areas outside 224 

the path, we use JRA55 latent heating instead of SLH. While we spotted some differences 225 

between JRA55 and SLH, the JRA55 generally offers good reproducibility of latent heating 226 

(as will be shown in section 3.1 and Fig. 5), which corroborates the validity of applying 227 

JRA55 for estimation of the diabatic term. 228 

To derive dynamical and diabatic vertical pressure velocity (ω), we iteratively solved 229 

equation (1) using the Gauss-Seidel method. The calculations were performed over 230 

100°E–180° and 20°–50°N in the layer between 1000 hPa and 100 hPa with the condition 231 

where ω=0 at each boundary. Dynamical ω (ωdyn) and diabatic ω (ωdia) are derived from 232 

equation (1), which has only the dynamical forcing and only the diabatic term on the right 233 
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hand side, respectively. Total quasi-geostrophic ω (ωqg) is derived from equation (1), which 234 

has all terms on the right hand side. 235 

 236 

3. Results 237 

3.1 Rainfall event observed with the GPM DPR at around 00 UTC on July 7, 2018 238 

The GPM satellite passed over Japan at around 00:35–00:40 UTC on July 7, 2018. It 239 

detected a heavy rainfall event over a wide area of Japan (Fig. 2a). Similarly, Fig. 2b shows 240 

a plan view of near-surface rainfall rates. The horizontal axis represents the GPM DPR 241 

scan numbers along the moving direction of the GPM satellite, while the vertical axis 242 

represents the angle bin numbers, which are numbers over the swath in a direction 243 

perpendicular to the GPM moving direction. Figure 2c shows the corresponding 244 

three-dimensional distribution of precipitation.  245 

 Left panels of Fig. 3 indicate vertical cross-sections of radar reflectivity at every 5 246 

angle bin. Reflectivity exceeding 15 dBZ is rarely observed at altitudes higher than 10 km, 247 

although rainfalls from relatively high altitudes are confirmed at the 40th and 45th angle 248 

bins for scan numbers between 2750 and 2850 (around western Japan). Most reflectivity 249 

profiles reach their maximum reflectivity values at 4–5 km, indicating the predominance of 250 

stratiform rainfall, which is characterized by “bright bands” in reflectivity. The distinction 251 

between convective and stratiform rainfall is more obvious in a vertical cross section of 252 

Q1−QR (right panels of Fig. 3). Note that the troposphere is heated in deep convective 253 
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profiles, with the exception of cooling near the surface, while stratiform profiles are 254 

distinguished by upper-tropospheric heating and lower-tropospheric cooling. Stratiform 255 

rainfall is clearly dominant in this snapshot, which was obtained during the mature phase of 256 

this event. Convective rainfall is embedded in a large area of stratiform rainfall.  257 

 Figure 4a presents the rainfall histograms of near-surface rainfall intensity for this 258 

case from the GPM DPR scan numbers from 2700 to 3050 shown in Fig. 2b. The rainfall 259 

rates are shown in a dBR scale (log10 [rainfall intensity; mm h−1]). The Y-axis indicates the 260 

sum of rainfall over DPR-observed pixels for each bin of the X-axis. The primary peak in 261 

total rainfall appears at 9.5 dBR (~9 mm h−1), corresponding to that in stratiform rainfall. 262 

Meanwhile, the secondary peak at around 16.5 dBR (45 mm h−1) is largely contributed by 263 

convective rainfall. Intense rainfall is found to be a major contributor during this event; for 264 

example, rainfall with an intensity exceeding 18 dBR (63 mm h−1) accounts for 15% of the 265 

total rainfall, while that exceeding 100 mm h-1 accounts for 8.9%. Stratiform rainfall is 266 

dominant in terms of areas (stratiform:convective area ratio is 85:15), while convective 267 

rainfall contributes substantially to the total rainfall (stratiform:convective rainfall ratio is 268 

65:35). 269 

 Figure 4b shows rainfall histograms of precipitation top heights, which are defined 270 

as the maximum heights with precipitation greater than or equal to 0.3 mm h−1. Rainfall with 271 

its top at moderately high altitudes (7–9 km) is a major contributor during this event, with its 272 

peak at ~7.7 km. Rainfall with its top exceeding 10 km, on the other hand, represents a very 273 
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small contribution, even for convective parts of rainfall. 274 

 Figure 5 shows a mean Q1−QR profile over four 2.5° x 2.5° grid cells in western 275 

Japan (as indicated in Fig. 2a), where heavy rainfall is identified. The mean Q1−QR profile 276 

shows a top-heavy structure with a heating peak at 7–8 km and a cooling below ~2 km. 277 

This result is consistent with the finding that this rainfall system consisted of a large area of 278 

stratiform rainfall and the embedded convective rainfall. Comparing JRA55 latent heating 279 

with GPM SLH latent heating over the four grid cells in western Japan, we find that the 280 

JRA55 latent heating profile well captures the observed features. For example, JRA55 281 

latent heating peaks at ~6.5 km, which is approximately the same height that SLH latent 282 

heating reaches its maximum. Meanwhile, the amplitude of shallow (~2 km) heating for 283 

JRA55 differs from that for SLH. This difference may be partly because of the limited ability 284 

of the GPM DPR to detect shallow light rain such as drizzle. It may also depend on the 285 

forecast model used to produce JRA55. 286 

In summary, the GPM DPR observation reveals that the heavy rainfall event is 287 

characterized by the combination of intense convective rainfall and widespread stratiform 288 

rainfall. Rainfall from moderately high altitudes (7–9 km) is predominant both for convective 289 

and stratiform rainfall. These are characteristics of organized rainfall systems (e.g., 290 

Hamada and Takayabu 2018), which are maintained by mesoscale circulations (Houze et al. 291 

1989).  292 

 293 
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3.2 Thermodynamic structures 294 

Figure 6 shows vertical profiles of JRA55 temperature, equivalent potential temperature, 295 

relative humidity, and specific humidity, which were averaged over four grid cells indicated 296 

in Fig. 2a, at 00 UTC on July 7, 2018. While raw values are shown in Figs. 6a–d, anomalies 297 

from the climatological average for 1989–2010 are shown in Figs. 6e-h. 298 

The profile of temperature anomalies is very small and almost vertical in the layer 299 

below 550 hPa, indicating that the temperature stratification in the mid- to lower 300 

troposphere is nearly the same as the climatology (Fig. 6e). For the deeper layer of 301 

1000–200 hPa, the stratification is somewhat more stable compared to the climatology, 302 

owing to warm anomalies in the layer of 500–200 hPa. Figure 6f shows that equivalent 303 

potential temperature is greater than the climatology below 200 hPa. The stratification is 304 

convectively more stable than the climatology for the 1000–450 hPa layer, while the 305 

stratification above the layer is convectively more unstable. Note that the lower troposphere 306 

is convectively unstable in the total field (Fig. 6b), although the anomaly field indicates 307 

relatively convectively stable stratification (Fig. 6f). At the same time, Fig. 6g indicates that 308 

relative humidity is very high throughout most of the troposphere. Relative humidity 309 

anomalies are larger in the mid-troposphere than in the lower troposphere, with a peak at 310 

500 hPa elevated by 40% or more over the climatological average. Wet anomalies are also 311 

found throughout the troposphere in terms of specific humidity (Fig. 6h). 312 

 To verify thermodynamical profiles based on JRA55 reanalysis data, we next 313 
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examine those profiles based on radiosonde upper-air observations. Figures 7a-d and e-h 314 

show the profiles of the thermodynamic anomalies for JRA55 reanalysis data and 315 

radiosonde data, respectively. Locations of Fukuoka and Wajima, used for verification, are 316 

marked by x symbols in Fig. 2a. Rainfall time series observed at these two sites are 317 

depicted with AMeDAS hourly rainfall (Fig. 7i). Because radiosonde observations are 318 

conducted twice a day at 00 UTC (09 JST) and 12 UTC (21 JST), we use the time when 319 

significant rainfall is observed for the thermodynamical analysis at each site: 00 UTC (09 320 

JST) on July 6, 2018, for Fukuoka and 12 UTC (21 JST) on July 6, 2018, for Wajima. 321 

The JRA55 profiles (Figs. 7a–d) and radiosonde profiles (Figs. 7e–h) at Fukuoka 322 

and Wajima reveal some general characteristics. While there are some differences 323 

between JRA55 reanalysis and the radiosonde observations, overall characteristics of the 324 

JRA55 reanalysis are consistent with those from radiosonde observations, indicating that 325 

the JRA55 profiles are reliable.  326 

 These profiles are compared with those over four grid cells of western Japan (Figs. 327 

6e-h). Profiles for the three regions (western Japan, Wajima, and Fukuoka) are similar to 328 

one another, and the aforementioned characteristics of large-scale environments are 329 

captured in all three regions: compared to the climatology, they are somewhat stable in 330 

temperature below 200 hPa, convectively stable in the lower-troposphere, and very humid 331 

throughout most of the troposphere. Very warm moist anomalies are observed at 700 hPa 332 

at Fukuoka, resulting in a stable layer between 700 and 500 hPa and strong convective 333 
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instability above 700 hPa, which are not found in western Japan and Wajima. Differences in 334 

environments among the three regions are also found in terms of the total field: the 335 

stratification between 1000 hPa and 700 hPa is somewhat convectively stable at Wajima 336 

and Fukuoka (not shown), while it is convectively unstable over western Japan (Fig. 6b). 337 

 The large-scale conditions identified during the heavy rainfall event are similar to 338 

those related to midsummer extreme rainfall events around Japan, which are mostly 339 

associated with organized rainfall systems (Hamada and Takayabu 2018). However, we 340 

can also identify a few differences such as those in the depth of convectively stable layer. 341 

 The thermodynamical anomalies for this event are much larger than those for the 342 

extreme rainfall statistics shown by Hamada and Takayabu (2018). For example, the 343 

specific humidity at 500 hPa related to this event exceeds 2 g kg−1, which is more than four 344 

times the anomalous value from their statistics (~0.5 g kg−1), even though the statistics of 345 

Hamada and Takayabu (2018) are for 99.9 percentile extremes. The large-scale 346 

environmental conditions that caused the heavy rainfall event are considered to be listed in 347 

the high end for such extreme rainfall events. 348 

 349 

3.3 Effects of dynamically-forced ascent associated with an upper-tropospheric trough 350 

As shown in the previous section, we observe a free troposphere with very high moisture 351 

content over a wide area of Japan during the heavy rainfall event, suggesting that there is a 352 

mechanism capable of maintaining such extensive humidity stratification. Yokoyama et al. 353 



 18 

(2017) showed that large-scale, dynamically-forced ascent promotes the generation of 354 

organized rainfall systems through the moistening of the mid-troposphere during the baiu 355 

season. Here, the effects of an upper-tropospheric narrow, deep trough on the rear of the 356 

heavy rainfall area on free-tropospheric humidity are explored in detail. 357 

 Figure 8 displays the vertically-integrated moisture flux vectors from the surface to 358 

100 hPa and their convergence at 00 UTC on July 7, 2018. The 2-m specific humidity (q) 359 

and 10-m winds (v) are used for surface variables for the integration of moisture flux 360 

convergence. Moisture flux convergence is confirmed to be a large contributor to the heavy 361 

rainfall event. Substantial moisture flux convergence is concentrated in areas with large 362 

amounts of precipitable water on the front of the trough (Fig. 1a). In a companion paper 363 

(Tsuji et al. 2019), significant southwesterly and southerly moisture transport for the free 364 

troposphere between 800 hPa and 100 hPa is confirmed as well as moisture transport in 365 

the boundary layer. Consistent with Hamada and Takayabu (2018)’s results, 366 

free-tropospheric moisture transport by a large-scale flow partially plays a role in producing 367 

environmental conditions favorable for heavy rainfall. 368 

Figure 9 shows the horizontal and vertical components of moisture flux 369 

convergence at 600 hPa and 850 hPa. In addition to the substantial horizontal convergence 370 

of the southerly/southwesterly moisture flux in the lower troposphere (850 hPa), a 371 

comparable amount of vertical moisture flux convergence is identified in the 372 

mid-troposphere (600 hPa) around Japan. Water vapor is advected by the horizontal flux in 373 
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the lower troposphere, and lifted by ascent on the front of the trough. These large-scale 374 

environments are similar to those related to atmospheric rivers, which transports abundant 375 

moisture in the tropics to the midlatitudes, over the Northwestern Pacific (e.g., Mundhenk et 376 

al. 2016; Hirota et al. 2016; Kamae et al. 2017a, b; Hamada and Takayabu 2018; Tsuji et al. 377 

2019; Yatagai et al. 2019). 378 

 Since ascent is not only dynamically forced but also diabatically induced by 379 

cumulus convection, it remains unclear whether dynamically-forced ascent associated with 380 

the trough played a key role in the heavy rainfall event. Figure 10 shows that divergence of 381 

the Q-vector at 500 hPa, the wind speed at 200 hPa, and the potential vorticity with 2 PVU 382 

at the 350-K isentropic surface every 12 hours from 00 UTC on July 5, 2018, to 12 UTC on 383 

July 8, 2018. A clear pattern of convergence of the Q-vector (ascent) emerges on the front 384 

of the narrow deep trough, where the subtropical jet is accelerating, and this condition 385 

persists around Japan for a few days. As the subtropical jet becomes stronger, the ascent 386 

increases over Japan, peaking at 00 UTC on July 7. Then, the region where the subtropical 387 

jet is accelerating begins to move eastward, resulting in a weakening of ascent over Japan. 388 

Finally, we detect divergence of the Q-vector (subsidence) over Japan at 12 UTC on July 8. 389 

 Figure 11 shows vertical cross-sections of the dynamical forcing and the diabatic 390 

term of equation (1) along the northwest-southeast line indicated in Fig. 1a, intersecting 391 

heavy rainfall regions over western Japan. The contributions of both terms are confirmed in 392 

the strong-ascent regions near 135°E. The diabatic contribution peaks at ~400 hPa, 393 
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corresponding to the peak height of latent heating. By contrast, the dynamical contribution 394 

is largest in the upper troposphere (~250 hPa), and decreases gradually to 550 hPa. The 395 

dynamical contribution reaches its minimum at 550–600 hPa and, then, registers a 396 

secondary peak at 700–800 hPa. The double peaks of the dynamical forcing in the upper 397 

and lower troposphere are consistent with the composites of divergence of the Q-vector 398 

over summertime East Asia and Northwestern Pacific, which were conducted by Horinouchi 399 

(2014). In his study, mid- to low-level disturbances associated with upper-level disturbances 400 

are shown to be important for the upwelling in the lower troposphere. For the heavy rainfall 401 

event in July 2018, the lower-tropospheric upwelling may occur in the same way. 402 

The profile of ω is similar to that of the diabatic term, and the dynamical contribution 403 

is relatively small compared to the diabatic contribution, in general. However, the 404 

contribution of the dynamical forcing is not negligible in the mid-troposphere and even more 405 

in the lower troposphere. For example, at 500 hPa near 135°E, the dynamical forcing is 406 

about 20–40% of the diabatic term, suggesting that the dynamical forcing plays an 407 

important role in the heavy rainfall event. 408 

 Figure 12 shows a time series of latitude-pressure cross-sections of the dynamical 409 

forcing, JRA55 ω, specific humidity, and equivalent potential temperature at 135°E. In the 410 

cross-section, heavy rainfall occurs near 35°N. Air with high specific humidity in the lowest 411 

layer reaches 35°N from the tropics. The lower troposphere near 35°N is always very wet, 412 

regardless of the passage of the trough, resulting in large equivalent potential temperatures 413 
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in the lowest layer and thus convective instability in the lower troposphere. The tropical 414 

stratification structure with the minimum equivalent potential temperature in the 415 

mid-troposphere is found to the south of 35°N, while to the north of 35°N, the equivalent 416 

potential temperature monotonically increases upward, which is indicative of a midlatitude 417 

stratification structure. 418 

 In the mid-troposphere, on the other hand, large specific humidity values are limited 419 

in relatively narrow regions with the dynamical forcing, indicating that lower-tropospheric 420 

moisture is uplifted in these regions. Mid-tropospheric specific humidity is found to vary in 421 

association with the dynamical forcing. While the trough lingers over the Korean Peninsula, 422 

a relatively deep layer of the mid- to lower troposphere becomes moist near 35°N through 423 

the dynamically-forced ascent of lower-level moist air. However, as the trough passed over 424 

Japan, regions with large specific humidity in the mid-troposphere shift together with the 425 

dynamical forcing, and get gradually decoupled from regions with large specific humidity in 426 

the lower troposphere at 35°N.  427 

 Next, dynamical ω (ωdyn) and diabatic ω (ωdia) are derived from equation (1). 428 

Figures 13a, b show the horizontal distributions of GSMaP rainfall and JRA55 ω, and Figs. 429 

13c,d and13e,f illustrate ωdyn and ωdia at 500 hPa, respectively. Distributions at 12 UTC, 430 

July 6 (left panels) and those at 00 UTC, July 7 (right panels) are shown. Note that ωdyn and 431 

ωdia are much smaller than JRA55 ω, indicating that total ω cannot be explained only by 432 

the quasi-geostrophic ω (ωqg). In order to separate roles of ωdyn and ωdia in the heavy 433 
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rainfall event, however, we here examine them in the quasi-geostrophic framework.  434 

Figures 13c-f show that both dynamical and diabatic ascents (negative value of 435 

ωdyn and ωdia) are found in the heavy rainfall region over Japan at both dates. At 00 UTC on 436 

July 7, dynamical ascent is identified extensively with its peak over the ocean to the 437 

northeast of Japan (142.5°E) on the front of the upper-tropospheric trough slightly ahead of 438 

the rainfall distribution. We can observe a better agreement between the distribution of 439 

rainfall at 00 UTC on July 7 and that of dynamical ascent at 12 UTC on 6 July, with their 440 

peaks extending from western Japan to central Japan (135–137.5°E). While the distribution 441 

of diabatic ascent well corresponds to that of the rainfall, it is suggested that dynamical 442 

ascent induced by the upper-tropospheric trough leads the rainfall and diabatic ascent in 443 

time. 444 

Figure 14a shows total vertical convergence of moisture flux associated with ωqg at 445 

12 UTC, July 6. In Figs. 14b and c, vertical convergence of moisture flux is divided into that 446 

associated with ωdyn and that associated with ωdia. At 135°E, the profile of vertical 447 

convergence of moisture flux associated with ωqg shows convergence above 750 hPa, with 448 

primary and secondary peaks at around 400 hPa and 650 hPa, respectively, and 449 

divergence below 750 hPa (Fig. 14a). Vertical convergence of moisture flux associated with 450 

ωdia, which reaches its peak at 400 hPa, is generally a large contributor to the total vertical 451 

convergence of moisture flux associated with ωqg (Fig. 14c). Meanwhile, vertical 452 

convergence of moisture flux associated with ωdyn has its peaks at 400 hPa and 650 hPa 453 
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(Fig. 14b). Moisture flux convergence associated with ωdyn in the layer of 750–550 hPa is 454 

significant, and clearly separated from the upper-tropospheric convergence. 455 

At 135°E, vertical convergence of moisture flux associated with ωdyn accounts for 456 

~25% and ~35% of the total vertical moisture flux convergence associated with ωqg at 400 457 

hPa and 650 hPa, respectively. Remarkably, a significant peak of the total vertical moisture 458 

flux convergence in the mid-troposphere (650 hPa) cannot be attributed to only diabatic 459 

ascent, indicating that dynamical ascent plays an important role in producing the total 460 

vertical moisture flux convergence in the mid-troposphere. 461 

 These results consistently show that a dynamically-forced ascent associated with 462 

the upper-tropospheric trough moistens the mid-troposphere. Thus, the upper-tropospheric 463 

dynamical effect is important for the generation of an organized rainfall system capable of 464 

producing heavy rainfall over Japan. 465 

 466 

3.4  Differences in rainfall-environment relationships among regions 467 

In this subsection, we compare the large-scale environments related to heavy rainfall over 468 

western Japan with environments over other regions to elucidate which environmental 469 

conditions work effectively in the formation of the heavy rainfall event. We focus on three 470 

regions, such as western Japan, southern China, and the ocean to the east of northeastern 471 

Japan at 00 UTC, July 7, because the relative contributions of dynamical and diabatic 472 

ascents differ among the three regions (Figs. 13b,d,f). The three regions are marked with 473 
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dashed circles in the rainfall map (Fig. 15a). According to Figs. 13b,d,f, both dynamical and 474 

diabatic ascents are found over western Japan, while only diabatic ascent is active over 475 

southern China. Over the ocean to the east of northeastern Japan, we can find dynamical 476 

ascent; however, this is not associated with rainfall. Based on vertical gradient of equivalent 477 

potential temperature between 925 hPa and 700 hPa (note the contours in Fig. 15a), the 478 

lower troposphere appears to be convectively unstable over western Japan and southern 479 

China, but convectively stable over the ocean to the east of northeastern Japan.  480 

 In a similar manner to Fig. 12, latitude-pressure cross-sections of the dynamical 481 

forcing of equation (1), JRA55 ω, specific humidity, and equivalent potential temperature at 482 

135°E, 112.5°E, and 150°E are shown (Figs. 15b–d). Over western Japan (135°E, 35°N), 483 

we note high equivalent potential temperatures in the lowest layer, resulting in convective 484 

instability in the lower troposphere. Note that equivalent potential temperature is shown in 485 

the total field. Over western Japan, thus, the lower troposphere is convectively unstable in 486 

the total field, while it is relatively convectively stable compared to the climatology as shown 487 

in Figs. 6f and 7b, f. The mid-troposphere is moistened by the dynamically-forced ascent of 488 

lower-level moist air associated with the upper-tropospheric trough. 489 

In contrast, over southern China (112.5°E, 25°N), the mid- to lower troposphere is 490 

moist despite an absence of obvious dynamical forcing. The lower troposphere is 491 

convectively unstable, with high equivalent potential temperatures in the lowest layer. In 492 

this region, cumulus convection may be generated associated with convective instability, 493 
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resulting in the humid mid-troposphere. Over the ocean to the east of northeastern Japan 494 

(150°E, 40°N), the lower troposphere is convectively stable, with relatively low equivalent 495 

potential temperatures in the lowest layer. There is no sign of rainfall in this region, despite 496 

the confirmation of mid-tropospheric moistening associated with dynamical forcing. 497 

Previous studies have shown that generation of cumulus congestus is well determined by 498 

sea surface temperature (Takayabu et al. 2010) and convective instability in the lower 499 

troposphere (Yokoyama et al. 2017). Rainfall is scarcely produced where the 500 

lower-tropospheric convective stability is strong. This is true even though the 501 

mid-troposphere is moistened through upper-tropospheric effects. 502 

Western Japan is provided with sufficient convective instability in the lower 503 

troposphere to initiate cumulus convection. In addition, ascent associated with the 504 

upper-tropospheric trough moistens the mid-troposphere. These large-scale environments 505 

both in lower and mid- to upper troposphere produced conditions favorable for 506 

well-organized rainfall systems that brought the heavy rainfall event. Additionally, once 507 

deep cumulus convection begins, convection itself is capable of moistening the 508 

mid-tropopshere through diabatically-generated ascent, which enhances the conditions 509 

favorable for the organization of rainfall that brings heavy rainfall. 510 

 511 
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4. Discussion and conclusions 512 

This study examined the heavy rainfall event during July 5–8, 2018, which caused serious 513 

damages to various regions in Japan. The heavy rainfall was brought by a mesoscale, 514 

well-organized rainfall system. The environments related to the heavy rainfall event were 515 

relatively convectively stable and very moist throughout most of the troposphere, compared 516 

to the climatology. 517 

 According to Yokoyama et al. (2017), in the baiu region, deep cumulus convection 518 

can occur without the aid of mesoscale organization in highly unstable conditions, while 519 

cumulus convection tends to be organized in relatively less unstable conditions. Organized 520 

rainfall systems are considered to be capable of maintaining themselves by collecting mid- 521 

to lower-tropospheric water vapor efficiently through their mesoscale circulation even in 522 

less unstable conditions. Thus, it is reasonable that in the heavy rainfall event in July 2018, 523 

deep convection occurred with the aid of mesoscale organization under relatively stable 524 

(compared to the climatology) but very humid conditions, which may partly be a result of the 525 

rainfall system. 526 

An upper-tropospheric trough, which lingered in the region from the Korean 527 

Peninsula to the Sea of Japan, helped to maintain large-scale environments favorable for 528 

the organization of rainfall. Dynamically-forced ascent associated with the trough served to 529 

moisten the mid-troposphere specifically at around 650 hPa. The mid- to lower troposphere 530 

was moistened over a wide area on the front of the trough by the effects of dynamical 531 
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ascent as well as the horizontal convergence of a southerly/southwesterly moisture flux. 532 

Previous studies have shown that mid-tropospheric moisture is an important factor in the 533 

development of deep cumulus convection and its organization (e.g., Sherwood 1999; 534 

Kuang and Bretherton 2006; Takayabu et al. 2010; Yokoyama et al. 2017). We emphasize 535 

that the moistening of the mid-troposphere at around 650 hPa during the heavy rainfall 536 

event was caused not only by diabatically-generated ascent but by dynamically-forced 537 

ascent. Once deep cumulus convection occurs associated with dynamical ascent, 538 

convection in turn moistens the troposphere above 750 hPa through diabatic ascent. Both 539 

dynamical and diabatic effects may promote conditions favorable for heavy rainfall. This is 540 

also consistent with Nie and Fan (2019)’s study on extreme rainfall events in the dynamical 541 

forcing–diabatic feedback perspective. 542 

 Yokoyama et al. (2017) showed that in the baiu season, the subtropical jet has an 543 

effect on moistening of the mid-troposphere owing to dynamically-forced ascent to the 544 

south of the subtropical jet, especially around the jet entrance, producing environments 545 

favorable for the organization of rainfall. In the heavy rainfall event in July 2018, the 546 

subtropical jet accelerated on the front of the upper-tropospheric trough (Fig. 10). Thus, the 547 

large-scale conditions related to the heavy rainfall event were consistent with their 548 

statistical results. Thermodynamical profiles related to the heavy rainfall event were also 549 

consistent with those for extreme rainfall events identified by Hamada and Takayabu (2018). 550 

In this study, we could show an actual case, which corresponds to these statistical studies. 551 
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Moreover, we could estimate dynamically-forced ascent and diabatically-generated ascent 552 

to quantify their contributions to the moistening of the troposphere. 553 

While the patterns of large-scale environments in the heavy rainfall event in July 554 

2018 were similar to those in the statistical studies, it is remarkable that the amplitude was 555 

very large. Particularly in terms of humidity, the large-scale environmental conditions that 556 

resulted in the heavy rainfall event were listed in the high end of those for extreme rainfall 557 

events identified by Hamada and Takayabu (2018). In the heavy rainfall event in July 2018, 558 

the effects of the upper-tropospheric trough on moistening the mid-troposphere, in 559 

combination with other factors such as anomalous horizontal moisture flux (Tsuguti et al. 560 

2018; Shimpo et al. 2019) and evaporation (Sekizawa et al. 2019), could produce the 561 

extremely moist environments to cause the extensive heavy rainfall. In addition, the 562 

lingering upper-tropospheric trough, which maintained very moist conditions, is related to 563 

the Silk Road teleconnection pattern (Enomoto et al. 2003; Enomoto 2004). 564 

Figure 16 schematically summarizes our findings for the heavy rainfall event. 565 

Sufficient convective instability in the lower troposphere will initiate cumulus convection 566 

(Part 1; top-right panel of Fig. 16). Dynamically-forced ascent associated with an 567 

upper-tropospheric trough, as well as southerly/southwesterly moisture flux, produces 568 

ample moisture in the mid- to lower troposphere, which is favorable for the development of 569 

deep cumulus convection and its organization (Part 2; bottom-left panel of Fig. 16). 570 

Dynamically-forced ascent also moistens the upper troposphere. In addition, low-level 571 



 29 

horizontal moisture convergence may produce convective instability. Once deep cumulus 572 

convection occurs, convection itself can moisten the troposphere above 750 hPa through 573 

diabatically-generated ascent (Part 3; bottom-right panel of Fig. 16). This synergy between 574 

dynamical effects and diabatic effects promotes conditions favorable for the organization of 575 

rainfall (top-left panel of Fig. 16). 576 

Note that although lower-tropospheric convective instability is statistically shown to 577 

be important for the initiation of congestus, it is not necessarily true for this event. The lower 578 

troposphere is convectively unstable over western Japan (Fig. 6b; the total field of 579 

equivalent potential temperature), while the stratification in the lower troposphere is 580 

somewhat convectively stable at Wajima and Fukuoka (not shown). In this study, 581 

large-scale environments are not for the time just before rainfall occurs, and thus 582 

environments may partly be affected by rainfall. Further studies are needed for stricter 583 

discussion. 584 

In conclusion, dynamically-forced ascent associated with an upper-tropospheric 585 

trough played a key role in the generation of the extensive and persistent heavy rainfall of 586 

the heavy rainfall event. In a companion paper (Tsuji et al. 2019), we compare the heavy 587 

rainfall event in July 2018 over Japan with the 2017 Northern Kyushu rainfall event to 588 

discuss differences in the roles of upper tropospheric troughs between the two events. 589 

 590 
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Fig. 1. (a) GSMaP rainfall rates (mm h−1; colors), JRA55 precipitable water (mm; red 718 

contours), and JRA55 potential vorticity at the 350-K isentropic surface (PVU; black 719 

contours with an interval of 1 PVU starting at 2 PVU) at 00 UTC on July 7, 2018. The green 720 

dashed line defines a transect used in subsequent analysis. (b) Water vapor imagery from a 721 

geostationary satellite at 00:30 UTC on July 7, 2018, which was provided by the JMA. 722 

 723 

Fig. 2. Snapshots of near-surface rainfall rates (mm h−1) observed by the GPM DPR at 724 

around 00:35–00:40 UTC on July, 7 2018 (orbit number: 24741). (a) Map of near-surface 725 

rainfall rates. Locations of upper-air observation sites for Fukuoka and Wajima are 726 

indicated by x symbols. Four grid cells, which were used for the analysis                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                                               727 

of JRA55 data, are indicated with dots surrounded by squares. (b) A plan view of 728 

near-surface rainfall rates. The horizontal axis represents the GPM DPR scan numbers 729 
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along the moving direction of the GPM satellite, while the vertical axis represents the angle 730 

bins. (c) A three-dimensional view of precipitation rates. This three-dimensional box is 731 

about 1755 km x 245 km, with a height of ~22 km. 732 

 733 

Fig. 3. Cross-sections of corrected reflectivity (left panels; dBZ) and Q1−QR (right panels; K 734 

day−1) observed by the GPM DPR on July 7, 2018 (orbit number 24741). The X-axis 735 

indicates the GPM DPR scan numbers from 2700 to 3050, and the angle bin number for 736 

each panel is written in the top-right corner. 737 

 738 

Fig. 4. (a) Rainfall histograms of near-surface rainfall intensity for the GPM DPR scan 739 

numbers from 2700 to 3050 shown in Fig. 2b. The X-axis is shown in a dBR scale (log10 740 

[rainfall intensity; mm h−1]), and the Y-axis indicates the sum of rainfall over DPR-observed 741 

pixels for each bin of the X-axis. Black, red, and blue lines represent the total, convective, 742 

and stratiform rainfall, respectively. (b) A similar histogram to (a), but for precipitation top 743 

heights (km). 744 

 745 

Fig. 5. Profiles of SLH latent heating (K day−1; red line), Q1−QR (K day−1; blue line), and 746 

JRA55 latent heating (K day−1; black line), all averaged over the four grid cells of western 747 

Japan (Fig. 2a). 748 

 749 
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Fig. 6. Vertical profiles of (a),(e) temperature (K), (b),(f) equivalent potential temperature (K), 750 

(c),(g) relative humidity (%), and (d),(h) specific humidity (g kg−1), which are averaged over 751 

the four grid cells at 00 UTC on July 7, 2018 (Fig. 2a). (a–d) indicate raw values, and (e–h) 752 

indicate anomalies from mean values at each calendar date for 1989–2010. 753 

 754 

Fig. 7. (a–h) Thermodynamic profiles. These include anomalies of (a),(e) temperature (K), 755 

(b),(f) equivalent potential temperature (K), (c),(g) relative humidity (%), and (d),(h) specific 756 

humidity (g kg−1). They are shown for (a–d) JRA55 reanalysis data and (e–h) radiosonde 757 

observation data. The red lines display profiles at Fukuoka at 00 UTC on July 6, 2018, while 758 

blue lines are those from Wajima at 12 UTC on July 6, 2018. In the analyses of the JRA55 759 

data, the nearest cell was used for Fukuoka, while the closest two cells were used for 760 

Wajima. Anomalies from the mean values for 1989–2010 are shown. (i) Time series of 761 

hourly rainfall (mm) from AMeDAS data at Fukuoka (red bars) and Wajima (blue bars). 762 

These time series use local time (JST; GMT+9). 763 

 764 

Fig. 8. Vertically-integrated moisture flux convergence (colors; mm day−1) from the surface 765 

to 100 hPa at 00 UTC on Jul 7, 2018. Vectors indicate vertically-integrated moisture flux (kg 766 

m−1 s−1). 767 

 768 

Fig. 9. (a),(c) Plots of the horizontal convergence of moisture flux (10−5 g kg−1 s−1) and 769 
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(b),(d) the vertical convergence of moisture flux (10−5 g kg−1 s−1) at (a),(b) 600 hPa and 770 

(c),(d) 850 hPa. In (a),(c), the vectors for horizontal moisture flux are overlaid. 771 

 772 

Fig. 10. Divergence of Q-vector at 500 hPa (colors; 10−19 kg−1 m s−1), wind speed at 200 773 

hPa (black contours with an interval of 10 m s−1 starting at 30 m s−1), and potential vorticity 774 

with 2 PVU at 350 K (magenta line) every 12 hours from 00 UTC on July 5, 2018, to 12 UTC 775 

July 8, 2018. The time for each panel is noted in the top-left corner. 776 

 777 

Fig. 11. A pressure-longitude cross-section of the dynamical forcing (colors; 10−19 kg−1 m 778 

s−1) and diabatic term (black contours; 10−19 kg−1 m s−1) at 00 UTC on July 7, 2018, along 779 

the transect (green dashed line) indicated in Fig. 1a. Vertical pressure velocity is indicated 780 

by green contours of −1.3, −1.0, −0.7, −0.4, and −0.1 Pa s−1. 781 

 782 

Fig. 12. Pressure-latitude cross-sections of the dynamical forcing (black contours for -4, -3, 783 

-2, -1, -0.5, -0.25, 0, 0.25, 0.5, 1, 2, 3, 4, and 5 10−17 kg−1 m s−1), JRA55 vertical pressure 784 

velocity (green contours for -1.5, -1, -0.5, and -0.2 Pa s−1), specific humidity (magenta 785 

contours with an interval of 2 g kg−1), and equivalent potential temperature (K; colors) at 786 

135°E, when every six hours from 00 UTC on July 6, 2018, to 18 UTC on July 7, 2018. 787 

 788 

Fig. 13. (a)(b) GSMaP rainfall rates (mm h−1; colors) and JRA55 ω at 500 hPa (black 789 
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contours of -0.8, -0.6, -0.4, -0.2, and 0.2 Pa s−1). The magenta line indicates potential 790 

vorticity with 2 PVU at 350 K. (c)(d) ωdyn at 500 hPa and (e)(f) ωdia at 500 hPa. Left panels 791 

for 12 UTC on July 6, 2018, and right panels are for 00 UTC on July 7, 2018. 792 

 793 

Fig. 14. Pressure-latitude cross-sections of vertical convergence of moisture flux (10−7 kg 794 

kg−1 s−1) associated with (a) ωqg, (b) ωdyn, and (c) ωdia at 12 UTC on July 6, 2018, along the 795 

transect (green dashed line) defined in Fig. 1a. 796 

 797 

Fig. 15. (a) GSMaP rainfall rates (mm h−1) at 00 UTC on July 7, 2018. The black contours 798 

indicate convective instability in the lower troposphere (K hPa−1), which is defined as the 799 

vertical gradient of the equivalent potential temperature between 925 hPa and 700 hPa. 800 

Positive values indicate unstable regions. The blue dashed circles represent the three 801 

regions used for comparison purposes (see details in section 3.4). (b–d) The same as Fig. 802 

12 but for (b) 112.5°E, (c) 135°E, and (d) 150°E at 00 UTC on July 7, 2018. In the text, we 803 

focus on the places that are indicated by gray dashed lines. 804 

 805 

Fig. 16. Schematics of the process that caused the heavy rainfall event in July 2018 over 806 

Japan. The whole process (top-left panel) is divided into three parts. (Part 1; top-right panel) 807 

Convective instability in the lower troposphere (in the total field) promotes initiation of 808 

cumulus convection. (Part 2; bottom-left panel) Dynamically-forced ascent, a result of an 809 
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upper-tropospheric trough, as well as southerly/southwesterly moisture flux, moistens the 810 

mid- to lower troposphere, promoting conditions favorable for the development of deep 811 

cumulus convection and its organization. Dynamically-forced ascent also moistens the 812 

upper troposphere. (Part 3; bottom-right panel) Once deep convection occurs, convection 813 

itself can moisten the troposphere above 750 hPa through diabatically-generated ascent. 814 

(Top-left panel) A schematic of the heavy rainfall event in July 2018. The synergy between 815 

dynamical effects and diabatic effects promotes conditions favorable for the organization of 816 

rainfall. 817 

 818 

 819 

820 
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 821 

Fig. 1. (a) GSMaP rainfall rates (mm h−1; colors), JRA55 precipitable water (mm; red 822 

contours), and JRA55 potential vorticity at the 350-K isentropic surface (PVU; black 823 

contours with an interval of 1 PVU starting at 2 PVU) at 00 UTC on July 7, 2018. The green 824 

dashed line defines a transect used in subsequent analysis. (b) Water vapor imagery from a 825 

geostationary satellite at 00:30 UTC on July 7, 2018, which was provided by the JMA. 826 

827 
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 828 

Fig. 2. Snapshots of near-surface rainfall rates (mm h−1) observed by the GPM DPR at 829 

around 00:35–00:40 UTC on July, 7 2018 (orbit number: 24741). (a) Map of near-surface 830 

rainfall rates. Locations of upper-air observation sites for Fukuoka and Wajima are 831 

indicated by x symbols. Four grid cells, which were used for the analysis of JRA55 data, are 832 

indicated with dots surrounded by squares. (b) A plan view of near-surface rainfall rates. 833 

The horizontal axis represents the GPM DPR scan numbers along the moving direction of 834 

the GPM satellite, while the vertical axis represents the angle bins. (c) A three-dimensional 835 

view of precipitation rates. This three-dimensional box is about 1755 km x 245 km, with a 836 

height of ~22 km. 837 

838 
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 839 

 840 

Fig. 3. Cross-sections of corrected reflectivity (left panels; dBZ) and Q1−QR (right panels; K 841 

day−1) observed by the GPM DPR on July 7, 2018 (orbit number 24741). The X-axis 842 

indicates the GPM DPR scan numbers from 2700 to 3050, and the angle bin number for 843 

each panel is written in the top-right corner. 844 

 845 

846 
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  847 

Fig. 4. (a) Rainfall histograms of near-surface rainfall intensity for the GPM DPR scan 848 

numbers from 2700 to 3050 shown in Fig. 2b. The X-axis is shown in a dBR scale (log10 849 

[rainfall intensity; mm h−1]), and the Y-axis indicates the sum of rainfall over DPR-observed 850 

pixels for each bin of the X-axis. Black, red, and blue lines represent the total, convective, 851 

and stratiform rainfall, respectively. (b) A similar histogram to (a), but for precipitation top 852 

heights (km). 853 

854 
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 855 

Fig. 5. Profiles of SLH latent heating (K day−1; red line), Q1−QR (K day−1; blue line), and 856 

JRA55 latent heating (K day−1; black line), all averaged over the four grid cells of western 857 

Japan (Fig. 2a). 858 

 859 

 860 
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  861 

Fig. 6. Vertical profiles of (a),(e) temperature (K), (b),(f) equivalent potential temperature (K), 862 

(c),(g) relative humidity (%), and (d),(h) specific humidity (g kg−1), which are averaged over 863 

the four grid cells at 00 UTC on July 7, 2018 (Fig. 2a). (a–d) indicate raw values, and (e–h) 864 

indicate anomalies from mean values at each calendar date for 1989–2010. 865 

 866 

867 
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 868 

Fig. 7. (a–h) Thermodynamic profiles. These include anomalies of (a),(e) temperature (K), 869 

(b),(f) equivalent potential temperature (K), (c),(g) relative humidity (%), and (d),(h) specific 870 

humidity (g kg−1). They are shown for (a–d) JRA55 reanalysis data and (e–h) radiosonde 871 
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observation data. The red lines display profiles at Fukuoka at 00 UTC on July 6, 2018, while 872 

blue lines are those from Wajima at 12 UTC on July 6, 2018. In the analyses of the JRA55 873 

data, the nearest cell was used for Fukuoka, while the closest two cells were used for 874 

Wajima. Anomalies from the mean values for 1989–2010 are shown. (i) Time series of 875 

hourly rainfall (mm) from AMeDAS data at Fukuoka (red bars) and Wajima (blue bars). 876 

These time series use local time (JST; GMT+9). 877 

878 
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 879 

 880 

Fig. 8. Vertically-integrated moisture flux convergence (colors; mm day−1) from the surface 881 

to 100 hPa at 00 UTC on Jul 7, 2018. Vectors indicate vertically-integrated moisture flux (kg 882 

m−1 s−1). 883 

 884 

885 
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 886 

 887 

Fig. 9. (a),(c) Plots of the horizontal convergence of moisture flux (10−5 g kg−1 s−1) and 888 

(b),(d) the vertical convergence of moisture flux (10−5 g kg−1 s−1) at (a),(b) 600 hPa and 889 

(c),(d) 850 hPa. In (a),(c), the vectors for horizontal moisture flux are overlaid. 890 

891 
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 892 

Fig. 10. Divergence of Q-vector at 500 hPa (colors; 10−19 kg−1 m s−1), wind speed at 200 893 

hPa (black contours with an interval of 10 m s−1 starting at 30 m s−1), and potential vorticity 894 

with 2 PVU at 350 K (magenta line) every 12 hours from 00 UTC on July 5, 2018, to 12 UTC 895 

July 8, 2018. The time for each panel is noted in the top-left corner. 896 

897 
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 898 

Fig. 11. A pressure-longitude cross-section of the dynamical forcing (colors; 10−19 kg−1 m 899 

s−1) and diabatic term (black contours; 10−19 kg−1 m s−1) at 00 UTC on July 7, 2018, along 900 

the transect (green dashed line) indicated in Fig. 1a. Vertical pressure velocity values are 901 

indicated by green contours of −1.3, −1.0, −0.7, −0.4, and −0.1 Pa s−1. 902 

 903 

904 
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 905 

  906 

Fig. 12. Pressure-latitude cross-sections of the dynamical forcing (black contours for -4, -3, 907 

-2, -1, -0.5, -0.25, 0, 0.25, 0.5, 1, 2, 3, 4, and 5 10−17 kg−1 m s−1), JRA55 vertical pressure 908 
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velocity (green contours for -1.5, -1, -0.5, and -0.2 Pa s−1), specific humidity (magenta 909 

contours with an interval of 2 g kg−1), and equivalent potential temperature (K; colors) at 910 

135°E, when every six hours from 00 UTC on July 6, 2018, to 18 UTC on July 7, 2018. 911 

 912 

913 
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 914 

 915 

Fig. 13. (a)(b) GSMaP rainfall rates (mm h−1; colors) and JRA55 ω at 500 hPa (black 916 

contours of -0.8, -0.6, -0.4, -0.2, and 0.2 Pa s−1). The magenta line indicates potential 917 

vorticity with 2 PVU at 350 K. (c)(d) ωdyn at 500 hPa and (e)(f) ωdia at 500 hPa. Left panels 918 

for 12 UTC on July 6, 2018, and right panels are for 00 UTC on July 7, 2018. 919 

920 
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   921 

Fig. 14. Pressure-latitude cross-sections of vertical convergence of moisture flux (10−7 kg 922 

kg−1 s−1) associated with (a) ωqg, (b) ωdyn, and (c) ωdia at 12 UTC on July 6, 2018, along the 923 

transect (green dashed line) defined in Fig. 1a. 924 

925 
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 926 

Fig. 15. (a) GSMaP rainfall rates (mm h−1) at 00 UTC on July 7, 2018. The black contours 927 

indicate convective instability in the lower troposphere (K hPa−1), which is defined as the 928 

vertical gradient of the equivalent potential temperature between 925 hPa and 700 hPa. 929 

Positive values indicate unstable regions. The blue dashed circles represent the three 930 

regions used for comparison purposes (see details in section 3.4). (b–d) The same as Fig. 931 

12 but for (b) 112.5°E, (c) 135°E, and (d) 150°E at 00 UTC on July 7, 2018. In the text, we 932 

focus on the places that are indicated by gray dashed lines. 933 

934 
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  935 

Fig. 16. Schematics of the process that caused the heavy rainfall event in July 2018 over 936 

Japan. The whole process (top-left panel) is divided into three parts. (Part 1; top-right panel) 937 

Convective instability in the lower troposphere (in the total field) promotes initiation of 938 

cumulus convection. (Part 2; bottom-left panel) Dynamically-forced ascent, a result of an 939 

upper-tropospheric trough, as well as southerly/southwesterly moisture flux, moistens the 940 

mid- to lower troposphere, promoting conditions favorable for the development of deep 941 

cumulus convection and its organization. Dynamically-forced ascent also moistens the 942 

upper troposphere. (Part 3; bottom-right panel) Once deep convection occurs, convection 943 

itself can moisten the troposphere above 750 hPa through diabatically-generated ascent. 944 

(Top-left panel) A schematic of the heavy rainfall event in July 2018. The synergy between 945 
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dynamical effects and diabatic effects promotes conditions favorable for the organization of 946 

rainfall. 947 


